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Large perturbations to the global carbon cycle occurred during the Permian–Triassic boundary mass
extinction, the largest extinction event of the Phanerozoic Eon (542 Ma to present). Controversy concerning
the pattern and mechanism of variations in the marine carbonate carbon isotope record of the Permian–
Triassic crisis interval (PTCI) and their relationship to the marine mass extinction has not been resolved to
date. Herein, high-resolution carbonate carbon isotope profiles (δ13Ccarb), accompanied by lithofacies, were
generated for four sections with microbialite (Taiping, Zuodeng, Cili, and Chongyang) in South China to better
constrain patterns and controls on δ13Ccarb variation in the PTCI and to test hypotheses about the temporal
relationship between perturbations to the global carbon cycle and the marine mass extinction event. All four
study sections exhibit a stepwise negative shift in δ13Ccarb during the Late Permian–Early Triassic, with the
shift preceding the end-Permian crisis being larger (N3‰) than that following it (1–2‰). The pre-crisis shifts
in δ13Ccarb are widely correlatable and, hence, represent perturbations to the global carbon cycle. The
comparatively smaller shifts following the crisis demonstrate that the marine mass extinction event itself had
at most limited influence on the global carbon cycle, and that both Late Permian δ13Ccarb shifts and the mass
extinction must be attributed to some other cause. Their origin cannot be uniquely determined from C-
isotopic data alone but appears to be most compatible with a mechanism based on episodic volcanism in
combination with collapse of terrestrial ecosystems and soil erosion.
ll rights reserved.
© 2010 Elsevier B.V. All rights reserved.
1. Introduction

The end-Permian mass extinction was the most severe biotic crisis
of the Phanerozoic, during which more than 90% of species in the
ocean and about 70% of vertebrate families on land were eliminated
(Erwin, 1993; Erwin et al., 2002; Raup and Sepokoski, 1982; Sepkoski,
1989). Harsh environmental conditions following the main mass
extinction event at ~252 Ma resulted in diminished body size among
many of the surviving organisms (He et al., 2007; Luo et al., 2006,
2008; Payne et al., 2004; Twitchett, 2007). As long as 5 Myr was
required for full recovery of marine ecosystems (Bottjer et al., 2008).
The causes of the end-Permian mass extinction remain a topic of
ongoing debate. Proposed mechanisms include massive volcanism
(Kamo et al., 2003; Korte et al., 2010; Reichow et al., 2009; Renne et
al., 1995), ocean anoxia (Algeo et al., 2007a; Grice et al., 2005; Isozaki,
1997; Kump et al., 2005; Meyer et al., 2008; Wignall and Twitchett,
1996), hypercapnia (Knoll et al., 1996, 2007), and bolide impact (Basu
et al., 2003; Becker et al., 2004).

It has longbeen recognized that the end-Permianmass extinctionwas
accompanied by a distinct perturbation in the global carbon cycle
evidenced by large negative shifts in the carbon isotopic composition of
both carbonates and organic matter (see Korte and Kozur, 2010, for a
review).However, the temporal relationshipof themass extinctionevent
to perturbations of the global carbon cycle is still controversial. One idea
(Hypothesis A) is that themarinemass extinction occurred concurrently
with a major perturbation to the carbon cycle (Krull et al., 2004;
Twitchett et al., 2001;Wanget al., 2007) (Fig. 1). A secondview is that the
carbon cycle perturbation associated with the marine mass extinction
significantly preceded the mass extinction event itself (Cao et al., 2002;
Gorjan et al., 2008; Holser et al., 1989; Korte and Kozur, 2010; Luo et al.,
submitted for publication; Richoz et al., 2010;Xie et al., 2007). Thismodel
has two variants, one invoking a relatively small negative excursion
(b2‰) leading up to the mass extinction event (Hypothesis B), and the
other invoking a much larger negative excursion (N2‰) preceding the
extinction (Hypothesis C; Fig. 1). As relatively little attention has been
paid to date to the details of δ13Ccarb variation before the marine mass
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Fig. 1. Three proposed hypotheses for the temporal relationship between the main marine mass extinction and variations in δ13Ccarb in the PTCI. MEB=mass extinction boundary,
PTB=Permian–Triassic boundary.
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extinction, it is not clear whether Hypothesis B or Hypothesis C is more
applicable to the Permian–Triassic Crisis Interval (PTCI).

Several recent studies have examined the timing and significance
of shifts in Late Permian marine δ13Ccarb records. Korte and Kozur
(2010) examined high-resolution Permian–Triassic (P–Tr) boundary
sections in Iran and Europe, concluding that the negative shift in
δ13Ccarb started within the Clarkina bachmanni conodont zone of the
Late Permian Changhsingian Stage, about 0.45–0.50 Myr before the
end-Permian crisis. Richoz et al. (2010) examined δ13Ccarb variation in
several P–Tr boundary sections in the Neo-Tethyan region, showing
that the magnitude of the negative shift in δ13Ccarb that preceded the
end-Permian mass extinction was larger than that following it. They
inferred that the negative shift started ~2.2 Myr before the P–Tr
boundary, a much longer interval than that proposed by Korte and
Kozur (2010). Neither of these studies devoted much attention to
underlying processes and how they might be related to patterns of
variation in the marine δ13Ccarb record. In this contribution, we report
the results of C-isotopic analysis of four P–Tr boundary sections from
South China containing microbialite units (Taiping, Zuodeng, Cili, and
Chongyang). The aims of this paper are (1) to present high-resolution
δ13Ccarb profiles for the study sections, (2) to analyze the pattern and
timing of negative shifts in δ13Ccarb during the Late Permian–Early
Triassic interval, (3) to test multiple hypotheses regarding the
temporal relationship between Late Permian perturbations to the
global carbon cycle and the end-Permian mass extinction event, and
(4) to discuss the implications of these findings with respect to the
ultimate mechanism(s) of the P–Tr boundary crisis.

2. Geological setting

2.1. Palaeogeography

During the P–Tr transition, the South China craton was located
near the equator in the eastern Palaeo-Tethys Ocean (Fig. 2A). The
Nanpanjiang Basin was a deep-water basin along the southeastern
margin of the South China craton within which numerous low-relief
carbonate banks appeared during the Late Permian and evolved into
high-relief platforms during the Early Triassic (Lehrmann et al., 2003,
2006). The Taiping and Zuodeng sections were located in the interiors
of the Pingguo and Debao platforms, respectively (Fig. 2B). To the
north of the Nanpanjiang Basin was the Jiangnan carbonate platform,
which formed a shallow, east–west-oriented saddle across the South
China craton that connected with the Palaeo-Tethys Ocean to both the
north and the south. The Chongyang and Cili sections were located in
the northern part of the Jiangnan platform (Fig. 2B).

2.2. Lithostratigraphy

Three distinct lithological members can be recognized in each of
the four study sections (Figs. 3–6). The lowermost member is of Late
Changsingian age and consists of cherty to non-cherty skeletal
limestone containing diverse normal-marine fossils such as brachio-
pods, fusulinids, non-fusulinid foraminifera, gastropods, sponges,
bivalves, echinoderms, algae, and rare rugose corals. This member is
located in the upper part of the Heshan Formation in the Taiping and
Zuodeng sections, and in the upper part of the Changxing Formation
in the Chongyang and Cili sections. Three whitish-grey ash beds are
present in this member in the Taiping section (Fig. 3).

The second member (in ascending stratigraphic sequence) is
microbialite, which consists of both thrombolite and stromatolite
(Yang et al., in press) and varies in thickness among the four study
sections: ~4.5 m at Taiping, ~7.0 m at Zuodeng, and ~6.7 m at
Chongyang and Cili. The microbialite is faunally poor but contains
some microgastropods, ostracodes, and conodonts (Lehrmann et al.,
2003; Wang et al., 2009). The microbialite facies generally overlies the
Changhsingian skeletal limestone member along a sharp lithologic
contact that is correlative with the end-Permian mass extinction
horizon (Lehrmann, 1999). In the four sections studied here, the
skeletal limestone–microbialite contact is planar and showsnoevidence
of erosion or dissolution, although it is coincident with a low-relief
stylolite in the Zuodeng section. Most studies have inferred continuous
deposition across this contact (e.g., Lehrmann et al., 2003), although
evidence of chemical dissolution at the contact exists in some shallow
carbonate sections (Liu et al., 2007; Payne et al., 2007). Based on field
observations and petrographic study, Collin et al. (2009) inferred the
presence of a hiatus between themicrobialite facies and the underlying
skeletal limestone in the region of the Great Bank of Guizhou in South
China, which is outside the area of the present study. The microbialite



Fig. 2. A: Global paleogeographic reconstruction during the Permian–Triassic transition and location of the South China Block (modified from Corsetti et al., 2005). SB: South China
Block. B: Paleogeography of the South China Block (Modified from Feng et al., 1997; Lehrmann et al., 2003) and sites distribution of the studied section. TP: the Taiping section;
ZD: the Zuodeng section; CL: the Cili section; CY: the Chongyang section; GSSP: Global Stratotype Section and Point, the Meishan section.
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represents a type of “disaster facies” that developed in shallow-water
settings, particularly in South China (Wang et al., 2005) and other
Tethyan locales (Baud et al., 2007; Pruss et al., 2006), immediately
following the end-Permian mass extinction event.

The microbialite is overlain by the thirdmember, which consists of
thinly bedded limestone and oolitic limestone. The thinly bedded
limestone is about 2–10 cm thick and structureless, with a few
bivalves, such as Claraia, and gastropods. The oolitic limestone is thin
and reddish in the Zuodeng section. A thin-bedded mudstone is
located directly above the top of the microbialite layer in the Taiping
and Zuodeng sections.

2.3. Biostratigraphy

The skeletal limestone is Late Changhsingian (latest Permian) in
age. The upper Heshan Formation of the Taiping section contains
typical uppermost Permian fusulinids including Nankinella, Sphaer-
ulina andCondofusulina, aswell as the conodontHindeodus latidentatus
(Wang et al., 1999). The upper Changxing Formation of the Cili section
contains index fossils of the end-Permian Palaeofusulina–Colaniella
zone (Wang et al., 2009). The P–Tr boundary, defined by the first
appearance of the conodont H. parvus, is located in the microbialite
layer somewhere above the base of the microbialite. H. parvus first
appears ~1 m above the base of the microbialite in the Taiping section
(Lehrmann et al., 2003; Yang et al., 1999) and 5.7 m and 3 m above the
base of the microbialite in the Cili and Chongyang sections,
respectively (Wang et al., 2009). The appearance of the conodont H.
latidentatus in the lower part of the microbialite in the Taiping and
Chongyang sections suggests that the deposition of the microbialite
started in the latest Permian (Wang et al., 1999; Yang et al., 2006). This
biostratigraphic framework is supported by a recent study of the
Dawen section from the Nanpanjiang Basin, which identified the
conodont H. parvus ~7.5 m above the base of the microbialite (Chen
et al., 2009). This study also reported the presence of H. latidentatus,
H. eurypyge and Clarkina zhejiangensis, which are typical latest Permian
elements (Jiang et al., 2007), in the lower part of the microbialite,
suggesting the onset of the deposition of microbialite in the latest
Permian. Although definitive zonal fossils have not been discovered to
date in the Zuodeng section, we infer that it has a biostratigraphic
framework similar to that of the nearby Taiping section.

3. Materials and methods

Large closely spaced fresh samples were collected from each of the
main lithostratigraphic units in the four study sections. Previous
studies have shown no distinct differences in δ13Ccarb between the
spar and micrite of the thrombolite member of the microbialite (Luo
et al., 2010; Mu et al., 2009), so we used bulk samples of microbialite
for δ13Ccarb analysis in the present study. Weathered surfaces and
large veins were trimmed off and each sample was cut into smaller
pieces in the laboratory. Fresh chips were chosen and crushed to less
than 100 mesh. The carbonate carbon isotope compositions were
determined according to McCrea (1950). Under vacuum, the sample
powder was reacted offline with 100% H3PO4 for 24 h at 25 °C. The
carbon isotope composition of the generated CO2 was measured on a
FinniganMAT 251mass spectrometer. All isotopic data are reported as
per mille (‰) relative to Vienna Pee Dee belemnite (V-PDB) standard.
The analytical precision is better than ±0.1‰ for δ13C and ±0.2‰ for
δ18O based on duplicate analyses.

We calculated several parameters from the δ13Ccarb profile of each
study section. The magnitude of the pre-extinction shift in δ13Ccarb was
defined as the difference between the average C-isotopic composition of
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Fig. 3. Profile of the variation in δ13Ccarb during the P–Tr transition and thin sections from the underlying skeletal pack-limestone and themicrobialite layer in the Taiping section. The
coarse dashed line represents the variation trend in δ13Ccarb. The arrows on the left side of the photos show stratigraphic level of the photos. Thin sections A and B are from the
underlying skeletal limestone containing abundant fossils. A is located at 87 cm below the base of the microbialite. B is located at 33 cm below the base of the microbialite. Thin
section C is from the base of the microbialite. C zone: conodont zone. 1: cherty skeletal limestone; 2: skeletal limestone; 3: thinly bedded limestone; 4: microbialite; 5: white clay
bed; 6: chert bed; 7: mudstone. N: interval with gradual negative shift in δ13Ccarb; S: interval with relatively stable in δ13Ccarb; “b” and “a” indicate “below” and “above” the end-
Permian mass extinction horizon, respectively. The scale bar is 0.1 mm.
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a series of samples from the lower skeletal limestone yielding stable,
relatively 13C-enriched compositions and the δ13Ccarb of the uppermost
sample of the skeletal limestone facies. The magnitude of the post-
extinction shift in δ13Ccarb was defined as the difference in δ13Ccarb
between the uppermost sample of the skeletal limestone and the most
13C-depleted value in the overlying microbialite facies.

4. Results

4.1. Taiping section

At Taiping, δ13Ccarb ranges from+4.4‰ to−0.6‰, with the lowest
values located in the microbialite layer (Fig. 3). The δ13Ccarb of the
samples from the lower part of the skeletal limestone (S2) is about
+4.0‰, a value that is typical of the Upper Permian in South China
(Korte et al., 2005). δ13Ccarb starts to decline gradually ~13 m below
the base of themicrobialite (N2). The interval from 8 to 3 m below the
base of the microbialite (S1) is characterized by relatively stable
δ13Ccarb values. Prior to the first appearance of the microbialite, a
sharp and rapid negative shift in δ13Ccarb is present in the uppermost
part of the skeletal limestone (N1b). The δ13Ccarb of the samples from
top of the skeletal limestone is ~1‰ (Fig. 3). There is a gradual
negative shift in δ13Ccarb, from +0.7‰ to −0.5‰, in the lower part of
the microbialite layer (N1a). In the upper part of the microbialite
layer, the δ13Ccarb remains relatively stable around −0.5‰. In the
lower part of the overlying thinly bedded limestone, the δ13Ccarb
increases to +1.5 to +2‰ (Fig. 3).

4.2. Zuodeng section

At Zuodeng, the lower part of the skeletal limestone (S2) is
characterized by δ13Ccarb values that fluctuate between +3 and +5‰
(Fig. 4). The overlying beds of the skeletal limestone are characterized
by a gradual shift toward lower δ13Ccarb values, decreasing from
+4.2‰ to less than +2‰ through a 5-m-thick interval (N2). Toward
the top of the skeletal limestone, δ13Ccarb values stabilize at +1.8 to
+2.5‰ within a 7-m-thick interval (S1) that extends almost to the
base of the microbialite. The uppermost ~0.5 m of the skeletal
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Fig. 4. Profile of the variation in δ13Ccarb in the PTCI and thin sections from the underlying skeletal limestone and the microbialite layer in the Zuodeng section. The coarse dashed line
represents the variation trend in δ13Ccarb. The arrows on the left side of the photos show stratigraphic level of the photos. Thin sections A and B are from the underlying skeletal
limestone with abundant fossils, locating at 55 cm and 15 cm below the base of the microbialite, respectively. Thin section C is from the lower part of the microbialite layer. C zone:
conodont zone. The lithology legend is the same as that in the Fig. 3. N: interval with gradual negative shift in δ13Ccarb; S: interval with relatively stable in δ13Ccarb; “b” and “a” indicate
“below” and “above” the end-Permian mass extinction horizon, respectively. The scale bar is 0.1 mm.
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limestone (N1b) exhibits a sharp negative shift in δ13Ccarb, although of
small amplitude (~1‰). The δ13Ccarb of samples from the top of the
skeletal limestone is about +1.2‰ (Fig. 4). In the first 20 cm above
the skeletal limestone–microbialite contact, the δ13Ccarb profile shows
a small (ca.−0.3‰) negative shift followed by a small positive shift of
similar magnitude. From this level, δ13Ccarb shifts rapidly from+1.2‰
to +0.4‰ through 50 cm of section and then gradually drops to
+0.1‰ (with some fluctuations) through the next ~7 m (N1a; Fig. 4).
A shift back toward relatively large δ13Ccarb values (+2‰) occurs in
the lower part of the overlying thinly bedded limestone (Fig. 4).

4.3. Cili section

At Cili, δ13Ccarb values range from +4.5‰ to −0.8‰ (Fig. 5). The
lower part of the skeletal limestone (S2) exhibits relatively stable
δ13Ccarb, around +4.5‰. In the overlying beds (N2), δ13Ccarb declines
from+4.5‰ to +2.5‰ over a ~2-m-thick interval. Toward the top of
the skeletal limestone, from −10 m to −2 m (S1), δ13Ccarb values
stabilize around+2.5‰. The uppermost 2 m of the skeletal limestone
(N1b) is characterized by a sharp decline in δ13Ccarb to +1.2‰. The
lower part of the microbialite shows a brief, small increase in δ13Ccarb,
followed by a gradual decline to values of 0 to −0.5‰ at 4 to 7 m
(N1a; Fig. 5). A shift back toward heavier δ13Ccarb values is evident in
the lower part of the overlying thinly bedded limestone.
4.4. Chongyang section

At Chongyang, δ13Ccarb values range from+3‰ to−0.4‰ (Fig. 6).
The beds that are equivalent to the S2 and N2 intervals of the other
three study sections are not exposed at this locale. The lowermost
samples of the skeletal limestone (S1) yield δ13Ccarb values of +3.0‰.
The upper 2 m of the skeletal limestone (N1b) exhibits a stepwise
decline in δ13Ccarb from +3.0‰ to +1.9‰. In the lower 2.5 m of the
microbialite layer, δ13Ccarb declines sharply from +1.9‰ to −0.4‰
(N1a) and then remains nearly stable through the overlying ~7 m of
section (Fig. 6). In contrast to the sections discussed above, no shift
back toward heavier δ13Ccarb values is evident in the 2 m of thin-
bedded limestone sampled at the top of the Chongyang section.

5. Discussion

5.1. Evaluation of diagenetic overprinting

The carbon isotope composition of bulk sampleswithhigh carbonate
content, such as the samples analyzed in this study, usually does not
change significantly due to diagenesis because the carbon reservoir of
the rock far exceeds the amount of carbon dissolved in diagenetic fluids
(Marshall, 1992; Scholle and Arthur, 1980). Furthermore, several lines
of evidence suggest that the primary carbon isotopic composition of the
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Fig. 5. Profile of the variation in δ13Ccarb in the PTCI and thin sections from the underlying skeletal limestone and the microbialite layer in the Cili section. The coarse dashed line
represents the variation trend in δ13Ccarb. The arrows on the left side of the photos show stratigraphic level of the photos. Thin sections A and B are from the underlying skeletal
limestone with abundant fossils, locating at 45 cm and 4 cm below the base of the microbialite, respectively. Thin section C is from the lower part of the microbialite layer. C zone:
conodont zone. The lithology legend is the same as that in the Fig. 3. N: interval with gradual negative shift in δ13Ccarb; S: interval with relatively stable in δ13Ccarb; “b” and “a” indicate
“below” and “above” the end-Permian mass extinction horizon, respectively. The scale bar is 0.1 mm.
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samples has been preserved to a large degree. First, the oxygen isotope
compositions (δ18Ocarb) of the samples are mostly −6‰ to −8‰ and,
hence, not strongly depleted in 18O as is typical of heavily diagenetically
altered carbonates (Algeo et al., 1992). Second, no correlation exists
between δ18Ocarb and δ13Ccarb overall (Fig. 7), in contrast with the
positive correlation typical of diagenetically altered samples (Marshall,
1992). Third, Mn/Sr ratios in the Cili section (Luo et al., submitted for
publication) and the other three study sections (Yongbiao Wang,
unpublished data) are less than 2.0, far lower than the exclusion
threshold of Kaufman and Knoll (1995), who inferred that primary
δ13Ccarb signatures were retained when Mn/Sr b10. Fourth, secular
variations in δ13Ccarb that track δ13C variations in coeval P–Tr sections at
other locations (see discussion later) also suggest that primary
signatures have been preserved to a large degree.

Diagenesis has been a problem in some earlier C-isotopic studies of
the PTCI, however. The problem is most severe in sections composed
of calcareous mudstone or siltstone, in which carbonate concentra-
tions are low and organic carbon concentrations sometimes high. In
such sections, oxidation of organic matter (e.g., through sulphate
reduction) can result in increased alkalinity in the diagenetic
environment and precipitation of secondary carbonate phases that
contain organic-derived, 13C-depleted carbon (Irwin et al., 1977).
Reports of δ13Ccarb minima (i.e., at the top of the N1a interval) of
b−5‰ at Meishan (Nan and Liu, 2004; Xu and Yan, 1993) and
elsewhere (Haas et al., 2007; Twitchett et al., 2001) are entirely from
such carbonate-poor lithologies. In contrast, carbonate-rich sections
almost uniformly yield δ13Ccarb minima of −2‰ to 0‰ (Algeo et al.,
2007a; Baud et al., 1989; Cao et al., 2002; Corsetti et al., 2005; Dolenec
et al., 2001; Gorjan et al., 2008; Holser et al., 1989; Korte and Kozur,
2010; Korte et al., 2004; Krull et al., 2004; Payne et al., 2004; Xie et al.,
2007), which is confirmed by C-isotopic profiles of the present study
sections as well (Fig. 8). Recent restudy of the Meishan section has
yielded C-isotopic records that are more free of diagenetic artifacts
(Cao et al., 2002; Riccardi et al., 2007; Xie et al., 2007).

5.2. Timing and magnitude of the pre-extinction δ13Ccarb shifts during
PTCI

In the Taiping, Zuodeng, and Cili sections, the δ13Ccarb of the lower
part of the skeletal limestone (S2) is around +4.0‰ to 4.5‰, values
that are typical of the Upper Permian in South China (Korte et al.,
2005) and that we regard as the marine carbonate baseline prior to
the onset of Late Permian perturbations to the carbon cycle. From this
baseline, the δ13Ccarb profiles of the four study sections show that a
large negative shift occurred well before the end-Permian marine
mass extinction horizon (Figs. 3–6). This shift is recorded as a pattern
of two steps (N2 and N1b) in the three study sections (Cili, Taiping,
and Zuodeng) that contain a greater thickness of Upper Permian
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Fig. 6. Profile of the variation in δ13Ccarb in the PTCI and thin sections from the underlying skeletal limestone and the microbialite layer in the Chongyang section. The coarse dashed
line represents the variation trend in δ13Ccarb. The arrows on the left side of the photos show stratigraphic level of the photos. Thin sections A and B are from the underlying skeletal
limestone with abundant fossils, locating at 203 cm and 83 cm below the base of the microbialite, respectively. Thin section C is from the microbialite layer. C zone: conodont zone.
The lithology legend is the same as that in the Fig. 3. N: interval with gradual negative shift in δ13Ccarb; S: interval with relatively stable in δ13Ccarb; “b” and “a” indicate “below” and
“above” the end-Permian mass extinction horizon, respectively. The scale bar is 0.1 mm.

Fig. 7. Cross-plot between the carbon and oxygen isotopic composition of carbonate in the PTCI in the studied sections.
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Fig. 8. Correlationof the δ13Ccarb profile in thePTCI in the four study sections in South China. See the Fig. 2 for locations of these sections. The conodont zones (C zone)were according to the
paleontological data in the four sections and the correlation with the Meishan D section in South China.H. p: Hindeodus parvus zone; C. m: Clarkina meishanensis zone; H. l: H. latidentatus
zone; C. c: C. changxingensis zone. MEB: mass extinction boundary; PTB: Permian–Triassic boundary.
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section, whereas only a single step (N1b) is recorded in the
comparatively shorter Chongyang section (Fig. 8). The δ13Ccarb values
of samples from the tops of the skeletal limestone in the four study
sections (+1.2‰ to +1.9‰) are similar to those of other P–Tr
boundary sections in South China, such as Meishan D (+1.3‰; Xie
et al., 2007). Some sections in the Nanpanjiang Basin also have low
δ13Ccarb in the uppermost skeletal limestone (Loufangwan: 0‰, Cui
et al., 2008; Dawen: 0‰, Chen et al., 2009). Thus, our high-resolution
C-isotopic records clearly invalidate Hypothesis A, which invokes no
significant change in marine carbonate C-isotopic values prior to the
end-Permian crisis (Fig. 1). Hypothesis A was previously advocated
based on study of the Taiping section (Krull et al., 2004) as well as
other sections (Wang et al., 2007), but both of these studies generated
low-resolution datasets with limited biostratigraphic control.

The magnitude of the negative C-isotopic shift from the Upper
Permian baseline to the top of the skeletal limestone is about 3.3‰ in all
three of the thicker study sections (i.e., from +4.0‰ to +0.7‰ at
Taiping, and from +4.5‰ to +1.2‰ at both Zuodeng and Cili; Fig. 8).
The less complete Chongyang section shows a negative shift of only
1.1‰ (i.e., from +3.0‰ to +1.9‰). However, the C-isotopic compo-
sition of samples at the top of the skeletal limestone at Chongyang is
similar to those of themore complete study sections, suggesting that the
Chongyang section, if sampled fully, would yield a Late Permian C-
isotopic shift of similar magnitude to the other study sections. The
magnitude of these Late Permian C-isotopic shifts is significantly larger
than 2.0‰ and, favoring Hypothesis C (i.e., a large pre-end-Permian
shift) overHypothesis B (i.e., a small pre-end-Permian shift). Other P–Tr
boundary sections for which a sufficient stratigraphic interval of Upper
Permian carbonates has beenmeasured show negative C-isotopic shifts
of comparable magnitude. For example, sections in the western Paleo-
Tethys and Neo-Tethys regions exhibit pre-end-Permian shifts that are
mostly between 2.5‰ and 3.5‰ (Fig. 9; Dolenec et al., 2001; Korte and
Kozur, 2005, 2010; Richoz et al., 2010).

The onset of the Late Permian C-isotopic shift has been
stratigraphically constrained to the early or mid-Changhsingian
Stage. In the Meishan section in South China, the negative shift starts
in the lowermost part of bed 23 (Cao et al., 2002, 2009; Luo et al.,
2010; Xie et al., 2007), about 40 m above the base of the Changsingian
and only 2 m below the end-Permian mass extinction horizon. The
level is in the middle of the Clarkina changxingensis Zone (below the
yini Zone) and, thus, of mid-Changhsingian age. However, the onset of
the C-isotopic shift may have occurred somewhat earlier in Upper
Permian sections in Iran and Europe. According to Richoz et al. (2010),
the negative shift in δ13Ccarb began during deposition of the lower
Dhzulfites beds in Iran. Korte and Kozur (2010) identified the onset of
the shift as within the Clarkina bachmanni conodont zone, which is
approximately correlativewith theDhzulfites beds (their Fig. 2). These
assignments date the onset of the Late Permian C-isotopic shift to the
early Changhsingian Stage. Since P–Tr boundary sections in China,
Iran, and Europe have been rather well studied with regard to
biostratigraphy, these differences in stratigraphic age between
sections may be real, although further correlation studies will be
required to substantiate this inference.

Richoz et al. (2010) inferred that the shift commenced ~2.2 Myr
prior to the end-Permian marine mass extinction, whereas Korte and
Kozur (2010) and Kozur (2007) estimated that it commenced only 0.45
to 0.50 Myr beforehand. Radiometric studies have shown that the
duration of the Changhsingian Stagewas about 3.5 Myr (Menning et al.,
2006;Mundil et al., 2004, 2010). If sedimentation rates were uniform in
a given P–Tr boundary section, then it would be a simple matter to
convert thicknesses to time and determine the absolute age of the C-
isotopic shift. For example, the duration of the pre-extinction negative
shift in δ13Ccarb in South China would be about 0.1 Myr. However,
stratigraphic correlation studies have demonstrated thatmany sections
globally exhibit large (i.e., order-of-magnitude) changes in sedimenta-
tion rates through the P–Tr boundary interval (e.g., Algeo et al., 2007b,
2010; Algeo et al., submitted for publication-a), making application of
this approach problematic. The Meishan D section, in particular, was
characterized by condensed sedimentation around the time of the end-
Permian event (Bowring et al., 1998, 1999; Yin et al., 2001) and, hence,
the relative thicknesses of the Changhsingian Stage below (40 m) and
above (2 m) the C-isotopic shift cannot be used to estimate its age of
onset. Secular variations in sedimentation rates in the Iranian and
European P–Tr boundary sections have not been determined, so age
estimates based on an assumption of uniform sedimentation rates
would be speculative. Thus, at present it cannot be definitively
determined whether the onset of the Late Permian negative C-isotope
excursion occurred 0.5 Myr (Korte and Kozur, 2010) or N2.0 Myr
(Richoz et al., 2010) prior to the end-Permian mass extinction event.

5.3. Relationship of δ13Ccarb variation to the marine mass extinction event

The relationship of the negative δ13Ccarb shift in uppermost Permian
strata (N1a–b) to the end-Permian mass extinction is a controversial
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Fig. 9. Comparison between the magnitude of the pre-extinction and post-extinction negative shift in δ13Ccarb in sections around the Tethys Ocean. The denominator and numerator
represent the magnitude of pre-extinction and post-extinction C-isotopic shifts, respectively. Sources of data are cited in the text.
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subject. A key unresolved issue is whether the mass extinction induced
the N1 C-isotopic shift or whether the mechanisms that caused end-
Permian mass extinction also induced the N1 C-isotopic shift (Grard
et al., 2005). Because theminimum value of δ13Ccarb in the PTCI (i.e., top
of N1a interval) is always located above the main marine mass
extinction horizon (Algeo et al., 2007a; Baud et al., 1989; Corsetti
et al., 2005; Cao et al., 2002; Dolenec et al., 2001; Gorjan et al., 2008;
Holser et al., 1989; Korte and Kozur, 2010; Korte et al., 2004; Krull et al.,
2004; Payne et al., 2004; Xie et al., 2007; this study), it has been widely
assumed that themass extinction induced theN1C-isotopic shift (Grard
et al., 2005; Rampino and Caldeira, 2005; Wang et al., 1994). However,
the magnitude of the post-extinction C-isotopic shift (N1a) is generally
smaller (~1–2‰) than that of the pre-extinction shifts (N1b+N2 N3‰;
Fig. 8). The same pattern is observed in other sections in South China as
well as throughout the western Palaeo-Tethys and Neo-Tethys regions
(Fig. 9). The small magnitude of the N1a C-isotopic shift indicates that
the marine extinction event had at most a limited effect on the global
carbon cycle and certainly could not have triggered the Upper Permian
negative C-isotopic shift, which began well in advance of the mass
extinction (Fig. 8). Furthermore, δ13Ccarb did not becomemore negative
immediately after themainmarinemass extinction—rather, it remained
constant or shifted toward more positive values (Fig. 8). This
counterintuitive phenomenon is observed in several sections and has
been cited as evidence of continuous sedimentation through the crisis
interval (Korte and Kozur, 2010; Richoz et al., 2010). This apparently
global rebound towardmore 13C-enriched carbon isotope compositions
directly after the end-Permian mass extinction may have been caused
by one of the following mechanisms: (1) increased photosynthetic
fractionation of carbon isotopes due to high atmospheric pCO2 (Hayes
et al., 1999; Kump and Arthur, 1999) or changes in the microbial
communities (Luo et al., 2010; Riccardi et al., 2007); or (2) an increase in
the organic carbon burial fraction (Kump and Arthur, 1999). At present,
it is not possible to distinguish among thesemechanisms. Clearly, other
mechanisms must be considered to account for the negative shift in
δ13Ccarb during the Late Permian—mechanisms thatmay also have been
the trigger for the end-Permian mass extinction.

5.4. Causes of the pre-extinction negative shift in δ13Ccarb

From the foregoing analysis, we may conclude that marine strata
of the PTCI record a negative δ13Ccarb shift that took place in two steps
during the Late Permian to Early Triassic. Below, we review the
primary mechanisms that may have caused these negative δ13Ccarb
shifts and evaluate their probabilities based on characteristics of the
C-isotope records of the present study.
5.4.1. Changes in marine primary productivity
One commonly proposedmechanism linking the end-Permianmass

extinctionevent to theN1C-isotopic shift is a severe reduction inmarine
primary and/or export productivity, producing a ‘Strangelove ocean’
similar to that existing after the end-Cretaceousmass extinction (Kump,
1991; Zachos et al., 1989). It should be emphasized that the end-
Permian mass extinction event is a record primarily of changes in the
diversity of the marine metazoan community—its effects on marine
primary producers are not well understood, although studies have
shown that eukaryotic algae were reduced in abundance relative to
procaryotes during this interval (Cao et al., 2009; Chen et al., in press;
Grice et al., 2005; Luo et al., submitted for publication). The marine
δ13Ccarb record is potentially a proxy for marine export productivity
rates, changes in which generally induce changes in the burial flux of
organic carbon and, hence, in the C-isotopic composition of seawater
ΣCO2 (Kump, 1991). Negative shifts in themarine δ13Ccarb record during
the Late Permian may potentially reflect declines in marine primary
productivity in advance of changes at higher trophic levels of marine
ecosystems, or a collapse of the biological pump (reduction in export
productivity, i.e., in the flux of organic matter out of the photic zone)
resulting from a loss of zooplankton grazers producing fecal pellets or
from other mechanisms of particle aggregation that promote settling.
Complete collapse of biological productivity and cessation of organic
matter burial is expected to yield δ13Ccarb values of ~−5‰ for seawater
ΣCO2 and marine carbonates at timescales of a few hundred thousand
years (Kump, 1991). However, recent work shows that no significant
long-term productivity collapse occurred during the P–T transition. In
fact, as evidenced by changes in organic carbon burial fluxes,
productivity appears to have been enhanced in the earliest Triassic
(Algeo et al., 2010; Algeo et al., submitted for publication-b; Wignall et
al., 2010), probably due to an increased flux of nutrients to marine
systems (Algeo et al., submitted for publication-c), leading to blooms of
microbes favoring eutrophic conditions, such as acritarchs, prasino-
phytes, and cyanobacteria (Xie et al., 2010). As noted above, the shift
toward more 13C-enriched carbon isotopic compositions directly after
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the end-Permian mass extinction could have been caused partly by an
increase in the organic carbon burial fraction.

5.4.2. Eustatic regression
Eustatic regression, inducing loss of habitable area in epiconti-

nental seas, has been imputed as a cause of marinemass extinctions at
least since Newell (1967). However, subsequent research showed that
the Late Permian global eustatic regression occurred prior to the mass
extinction event (Hallam and Wignall, 1999; Yin et al., 2007). In the
Meishan section, this regression was characterized by a type II
sequence boundary at the base of bed 24e (Zhang et al., 1996). As sea-
level dropped, large areas of lagoonal and continental shelf deposits
containing relatively fresh organic matter were exposed to subaerial
erosion. Oxidation of this 13C-depleted organic matter may have
caused a gradual negative shift in δ13Ccarb, as proposed by Holser et al.
(1989) and Faure et al. (1995). However, if erosion liberated organic
carbon and carbonate carbon in the same proportion in which they
were represented by the global riverine input prior to the sea-level
fall, then the carbon isotopic composition of the flux carried to the
ocean would not have changed significantly (Kump and Arthur, 1999)
and thus would not have caused a negative isotope shift. On the other
hand, even if the shallow-marine sediments undergoing erosion had
had a higher ratio of organic carbon-to-carbonate than the global
riverine average, mass balance considerations suggest that the carbon
isotopic composition of the flux carried to the ocean should have been
about −7.5‰. In this case, the organic carbon oxidation flux would
have to have been larger than 2.4 1016 mol ka−1 in order to achieve
the negative C-isotope shift observed in Late Permian carbonates
(Kump and Arthur, 1999). A flux of this magnitude is probably
unrealistically large. Furthermore, the type 2 character of the
sequence stratigraphy below bed 24e in the Meishan section (Zhang
et al., 1996) implies that the end-Permian sea-level drop could not
have been very large. Thus, sea-level regression alone was probably
not a sufficient mechanism to account for more than a fraction of the
negative shift in δ13Ccarb during the Late Permian.

5.4.3. Terrestrial crisis
A large quantity of organic matter of terrigenous origin has been

buried in continental andmarine sedimentary basins since the advent
of higher land plants in the Devonian (Algeo et al., 1995). Broecker
and Peacock (1999) argued that the negative shift in carbon isotopic
composition of carbonate during the P–Tr transition could have been
caused by the extinction of continental plants. Reduction of terrestrial
ecosystem productivity and biomass would have reduced the burial
flux of organic carbon from this source, contributing to the pre-
extinction negative shift in marine δ13Ccarb. Furthermore, deteriora-
tion of terrestrial ecosystems is likely to have led to soil erosion,
increasing the oxidation rate of soil organic matter, which would have
introduced abundant, 13C-depleted carbon into the ocean (Algeo et al.,
submitted for publication-b,c). Studies of terrestrial successions have
shown that there was a major turnover in terrestrial floras during the
PTCI, when mature gymnosperm-dominated floras yielded to rapidly
growing early successional communities dominated by lycopsids and
ferns (Looy et al., 1999, 2001), and that this process was accompanied
by major changes in clastic sediment production and transport (Algeo
et al., submitted for publication-a; Michaelsen, 2002; Retallack, 2005;
Ward et al., 2000). Study of lipid biomarkers inmarine successions has
shown that the signature of soil erosion appeared in themarine record
just prior to the end-Permian marine mass extinction horizon (Luo et
al., submitted for publication; Sephton et al., 2005; Watson et al.,
2005; Wang, 2007; Wang and Visscher, 2007; Xie et al., 2007). Large
quantities of volcanic dust and sulphate aerosols released into the
atmosphere are thought to have caused global cooling and acid rain
(cf. Self et al., 2008), which would have killed terrestrial life quickly
and potentially contributed to the negative C-isotopic shift in marine
carbonates during the Late Permian.
5.4.4. Volcanism
The volcanic activity of the Siberian Traps may have been a direct

influence on the marine mass extinction and δ13Ccarb record, either
through release of volcanic CO2 (Payne and Kump, 2007) or through
generation of thermogenic CO2 and methane as magma was intruded
into theWest Siberian coal fields (Korte et al., 2010; Kamo et al., 2003;
Retallack and Jahren, 2008; Reichow et al., 2009; Svensen et al., 2009).
However, the main stage of the Siberian Traps eruptions was probably
later than the pre-extinction stepwise decline in δ13Ccar recorded in
the skeletal limestones of the four sections of the present study
(Saunders and Reichow, 2009; Xie et al., 2010 and references therein).
In the Taiping section, there are at least twowhite grey ash beds in the
upper part of the skeletal limestone (Fig. 3) that are of volcanic origin
(Lehrmann et al., 2003). There are also several ash beds in the upper
Dalong Formation (Late Changsingian) of the Dongpan section, a
deep-water succession near the Taiping and Zuodeng sections (Meng
et al., 2005). These ash beds are evidence that felsic volcanism began
at least by Late Changsingian time in South China. As mentioned
above, the stepwise decline in δ13Ccarb presented in the four sections
seems to be caused by the episodic volcanism eruption which may
also induces episodic variation in other issues, such as terrestrial crisis
and continental weathering (Xie et al., 2007). The strength of this
episodic volcanism would be too weak or too local to induce global
marine mass extinction but might have been sufficient to disrupt
terrestrial ecosystems which exposes to the atmosphere directly and
initiate soil erosion, a process that potentially could have produced a
negative shift in the marine δ13Ccarb record prior to the end-Permian
extinction event. In addition, PTB volcanic activity was widespread
along the western Panthalassa margin and Gondwanaland, and these
volcanism eruptions outside South China could have contributed to
the observed shift in δ13Ccarb.

5.4.5. Biogenic methane release
Biogenic methane is significantly depleted in 13C, with δ13C typically

−30‰ to −80‰ (Holser et al., 1988), making it an oft-invoked
mechanism for large negative shifts in the marine δ13Ccarb record, such
as that accompanying the PETM (Palaeocene–Eocene Thermal Maxi-
mum) (Zeebe et al., 2009). The negative shift in δ13Ccarb during the P–Tr
transition has also been ascribed to fossil methane release (Berner,
2002; Erwin, 1993; Krull and Retallack, 2000; Krull et al., 2000, 2004).
The two largest potential sources of fossil biogenic methane are (1)
methane clathrates found in continental shelf sediments, (2) production
of methane during melting of high-latitude permafrost (Kvenvolden
and Rogers, 2005). Recently, Luo et al. (submitted for publication)
showed that oceanic sulphate concentrations were very low during the
PTCI. Because sulphate is an important electron acceptor during
anaerobic methane oxidation (Valentine, 2002), its near-absence in
Late Permian seawater would have allowed anymethane released from
seafloor clathrates tohave escaped into the atmosphere. However, there
is no firm evidence to support a massive release of methane during the
PTCI other than the marine δ13Ccarb record, which (as shown here)
allows multiple interpretations. The modeling results of Berner (2002)
were based on a diagenetically influenced δ13Ccarb profile from the
Meishan section, and the latitudinal gradient in δ13Ccarb reported by
Krull et al. (2000) is questionable owing to local effects on organic
carbon isotope compositions as well as diagenetic influences (Erwin et
al., 2002; Mii et al., 1997). Thus, it is unclear whether methane release
played any significant role in the negative Late Permian C-isotopic shift.

In summary, marine C-isotopic records probably cannot resolve
the debate concerning the origin of the negative shifts in δ13Ccarb
during the Late Permian. The δ13Ccarb results presented here suggest
that episodic volcanism, probably in combination with deterioration
of terrestrial ecosystems, soil erosion, and decreased marine primary
or export productivity, is a likely cause of the C-isotopic shifts.
However, more compelling evidence to support this inference will
have to await studies that constrain process through demonstrating
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significant patterns of covariation between marine δ13Ccarb and other
records of changes in the biota, environments, and sediments of the
PTCI.

6. Conclusions

High-resolution marine δ13Ccarb profiles were analyzed in four P–Tr
boundary sections with microbialite from South China. Isotopic and
elemental evidence indicate that these sections preserve primary
records of marine carbonate C-isotopic variation. No distinct difference
in δ13Ccarb exists between the microbialite and coeval non-microbialite
samples. The profiles of δ13Ccarb in the PTCI in the four sections are
characterized by a large and stepwise negative shift through the Upper
Permian, indicating a distinct perturbation to the global carbon cycle
prior to the end-Permianmarine biotic crisis. Themagnitude of the pre-
extinction negative shift in δ13Ccarb is much larger than that of the post-
extinction shift, indicating that the extinction eventwas not the primary
cause of changes in the global carbon cycle. Rather, the pre-extinction
stepwise negative shift in δ13Ccarb is likely to have been caused by
episodic activity of volcanic system, leading to deterioration of
terrestrial ecosystems and soil erosion, although the influence of
eustatic regression and biogenic methane release cannot be entirely
ruled out. The aftereffects of these processeswould have been the direct
cause of the end-Permian mass extinction.
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